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ABSTRACT 11 

It is generally accepted that the main strength of subduction boundaries occurs in the 12 

shallower region where frictional deformation is dominant. However, estimates of absolute 13 

values—commonly expressed as apparent coefficient of friction, µ’—show great variation. 14 

Frictional shear heating is closely related to µ’, and estimates of the extra thermal energy 15 

supplied by shearing can in principle be used to estimate subduction zone strength. One such 16 

approach is based on surface heat flow measurements. However, heat flow in convergent 17 

margins shows large local scatter and even in the same area, different studies using this 18 

method show large variations in estimates of µ’ indicating large uncertainties. The thermal 19 

record of subduction conditions preserved in subduction-type metamorphic rocks is developed 20 

over geological time scales that average out local complexities in heat flow and therefore has 21 

good potential as an alternative indicator of the amount of shear heating and, hence, shear 22 

strength along subduction boundaries. Thermal models that incorporate shear heating were 23 

developed for two contrasting and well-known subduction-type metamorphic belts: the 24 



relatively warm Sanbagawa belt of SW Japan and the relatively cold Franciscan belt of 25 

western USA. High-grade rocks of the Sanbagawa belt show strongly curved P–T paths that 26 

display increasing P/T to about 2 GPa. Information on the rate of plate movement and the age 27 

of the subducting slab at the time of metamorphism can be combined with modelling results 28 

to show that relatively high shear stresses, equivalent to µ’ ~ 0.13 are required to account for 29 

the observed curved P–T paths. In contrast, the high-grade rocks of the Franciscan belt show 30 

relatively cool P–T conditions that do not allow for strong shear heating with an appropriate 31 

upper bound for µ’ of ~0.03. Modelling suggests subduction rate and lithology are potentially 32 

important controls on the development of high- versus low-stress subduction zones. High-33 

stress subduction zones are likely to be associated with high aseismic/seismic slip ratios 34 

possibly related to slab roughness. 35 
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1. Introduction 44 

 45 

Knowledge of the strength of subduction plate boundaries is an essential part of 46 

understanding the conditions necessary for plate tectonics, the processes leading to great 47 

earthquakes that occur along subduction megathrusts and the thermal structure of subduction 48 

zones. At relatively shallow levels, deformation along subduction boundaries is dominated by 49 



brittle processes that can be modelled as frictional behaviour and the strength increases in 50 

proportion to the normal stresses acting across the boundary. This frictional domain broadly 51 

corresponds to the seismogenic zone. At greater depths, increased pressure and temperature 52 

favour non-frictional ductile deformation by crystal plastic processes and a decrease in 53 

strength and shear stresses. The main strength of the subduction boundary is in the frictional 54 

domain. This strength can be conveniently expressed by using the ratio of shear to normal 55 

stress known as the coefficient of friction, µ, or the apparent coefficient, µ’, when the effects 56 

of fluid pressure are taken into account. Previous studies of subduction boundaries using force 57 

balance (Lamb, 2006) or heat flow (Gao and Wang, 2014; England, 2018) arguments yield 58 

estimates of µ’ ranging from 0.02 to 0.13 (Fig. 1). An alternative approach using a global 3D 59 

thermo-mechanical model (Osei Tutu et al., 2018) requires the average µ’ along plate 60 

boundaries to be ≤ 0.05 to match the observed present-day plate motion and net rotation. In 61 

contrast to these estimates, laboratory rock deformation experiments at non-seismic slip rates 62 

summarized as Byerlee’s Law yield values of µ’ ~ 0.4, assuming hydrostatic fluid pressure.  63 

The above summary shows that the range of available estimates for the strength of 64 

subduction zones and associated stresses vary over an order of magnitude. In some cases 65 

application of very similar approaches by different workers leads to very different results even 66 

in the same location, e.g. in the northern Hikuragi subduction margin (Fig. 1). Therefore, it is 67 

desirable to investigate alternative approaches to this problem. Here, we show how studies 68 

from some types of subduction-type metamorphic rocks can be used to estimate the strength 69 

of ancient subduction zones.  70 

Slip along major faults such as subduction boundaries produces heating that depends 71 

on the shear stress and slip velocity. Therefore, information about the thermal budget of 72 

subduction zones has potential to be used as an indicator of shear stress; one useful source of 73 

information is the surface heat flow. A difficulty encountered when using surface heat flow is 74 



its strong local scatter due to the influence of localized fluid flow and other upper crustal 75 

processes. A more direct record of the thermal structure close to subduction boundaries is 76 

found in subduction-type metamorphic rocks. This metamorphic record is developed over 77 

time scales of millions of years and will be largely unaffected by short-term fluctuations 78 

making it potentially a more robust indicator of shear stress in subduction zones than surface 79 

heat flow. The pioneering work by Peacock (1992) uses a combination of analytical and 80 

numerical models combined with estimates of metamorphic conditions of blueschist-facies 81 

metamorphism to constrain possible amounts of shear heating with an emphasis on conditions 82 

recorded in the Franciscan belt. Peacock (1992) deduces a range of µ’ of ~0–0.14. However, a 83 

more detailed discussion was hampered by a lack of good constraints on important variables 84 

such as the age of subducting oceanic plate, subduction rate and elapsed time after subduction 85 

initiation. 86 

The past 25 years have seen major advances in numerical modelling of subduction 87 

zones, understanding of the rheology of subduction-related rocks and a great increase in the 88 

amount and precision of the information that is needed to model examples of ancient 89 

metamorphism. These advances mean it is now timely to revisit the idea of combining 90 

thermal modelling with studies of individual subduction-type metamorphic belts to constrain 91 

shear stresses along subduction boundaries. Here, we present a thermal model for subduction 92 

zones that incorporates shear heating based on recent summaries of fault rock rheology and 93 

investigate the implications for stresses in two contrasting domains of subduction-type 94 

metamorphism: the relatively warm Sanbagawa belt in SW Japan and the relatively cool 95 

Franciscan belt in W USA. 96 

 97 

2. Thermal model 98 

 99 



Our two-dimensional model consists of a kinematically prescribed subducting slab 100 

(including a 7 km thick oceanic crust), a viscous mantle wedge with temperature- and stress-101 

dependent rheology, and an overriding rigid ‘lithosphere’ (Fig. 2A). This overriding 102 

‘lithosphere’ consists of 15 km of upper continental crust and 15 km of lower continental 103 

crust for continental lithosphere and 10 km of oceanic crust and 20 km of mantle for oceanic 104 

lithosphere. The governing equations for the flow and temperature fields are the conservation 105 

equations of mass, momentum, and energy, with the extended Boussinesq approximation (see 106 

Appendix A). The analysis uses the code I2VIS (Gerya and Yuen, 2003), which is based on 107 

finite differences with a marker-in-cell technique and a fully staggered rectangular Eulerian 108 

grid. The model domain (200 km deep ´ 443 km wide) includes a 200 ´ 200 grid and ca 3.2 ´ 109 

106 markers.  110 

In common with other geodynamic models of subduction zones, we assume that 111 

beyond a certain critical depth there is complete viscous coupling between the subducting slab 112 

and the overriding mantle that drives flow in the wedge. In contrast, at relatively shallow 113 

depths, we assume the slab and the wedge mantle are decoupled over geological time scales; 114 

this approach also follows previous studies (e.g. Wada and Wang, 2009). The transition from 115 

a decoupled to a coupled interface occurs at a depth of 70–80 km irrespective of subduction 116 

zone (Wada and Wang, 2009). The variable Dc is used to denote the down-dip limit of full 117 

decoupling. We use a velocity boundary condition along the slab-wedge interface: no 118 

coupling (v = 0) for depths < Dc and complete coupling (v = vs cosf) at depths > Dc + 10 km, 119 

with a transitional zone over the intervening 10 km depth range. vs is the subduction rate and 120 

f is the angle of obliquity with respect to the subduction boundary such that vs cosf is the 121 

trench normal component of subduction velocity. The bottom of the overriding rigid 122 

‘lithosphere’ forms the top boundary of the wedge (v = 0). The back-arc vertical boundary of 123 

the mantle wedge is treated as a stress-free (sxx = 0) inflow/outflow boundary (Fig. 2A). 124 



The left-side thermal boundary condition is the oceanic geotherm for a given plate age 125 

corrected for the subduction angle and calculated using a plate cooling model with a 95 km 126 

plate thickness and T = 1450 °C at the plate base (Stein and Stein, 1992). The temperatures of 127 

the oceanic asthenosphere are calculated using an adiabatic temperature gradient of 128 

0.3 °C/km. The thermal structure of the overriding plate is used as the initial temperature 129 

distribution (Fig. 2B). The thermal boundary condition used for the right-side inflow 130 

boundary is either an oceanic or continental thermal structure depending on the type of 131 

overriding plate. For each step in the calculation, the temperature gradients normal to the 132 

boundaries, dT/dz and dT/dx, from the previous step are applied to the bottom and right-side 133 

outflow boundaries, respectively. The top surface has a constant temperature of 0 °C (Fig. 134 

2A). The continental geotherm is based on a 1D steady-state conduction model incorporating 135 

radiogenic heat production that yields a surface heat flow of 75 mW/m2. The deeper part (> 136 

67 km) is assigned a geotherm calculated assuming a mantle potential temperature of 1300 °C 137 

and an adiabatic temperature gradient of 0.3 °C/km.  138 

To incorporate the shear stress along the decoupled and partially decoupled 139 

subduction boundary, t, we use a combination of frictional stress tF and viscous flow stress tV 140 

following Noda and Shimamoto (2012) and Gao and Wang (2014), 141 

𝜏 = 	 𝜏$tanh )*
+

*,
-.                                             (1) 142 

The shallow part of the boundary is governed by the static friction law 143 

𝜏. = 𝜇0𝜎2 − 𝑝56 = 𝜇(1 − 𝜆)𝜎2 = 𝜇′𝜎2                          (2) 144 

where l is the ratio of fluid pressure pf to normal stress sn (approximately the weight of the 145 

overlying rock column), so that the apparent coefficient of friction µ′ includes contributions 146 

from both the intrinsic friction µ and pore-fluid pressure pf. The deeper part of the boundary is 147 

assumed to follow the flow law for quartz (Luan and Paterson, 1992; Evans and Kohlstedt, 148 

1995) 149 



𝜏$ = 𝑓	 )=
>
?@
A
-
B
C exp ) G

2HI
-,                                    (3) 150 

where n = 3.1 and A = 10-7.18 /(MPan s) are experimentally determined parameters, E = 135 151 

kJ/mol is the activation enthalpy, w (= 300 m) is the thickness of the shear zone that 152 

accommodates fault slip and f is a scaling factor for tV. The material in the subduction 153 

boundary zone, or channel will comprise several different lithologies. To model such 154 

variation directly would require incorporating multiple flow law parameters with different 155 

values that reflect variations in mineralogy, flow mechanism, and/or grain size. For our 156 

purposes a simpler approach is sufficient, and we employ a single parameter, f, to investigate 157 

possible variations in viscous stresses. The rate of heat dissipation per unit fault area Hf is 158 

expressed by 159 

𝐻5 = 𝜏	𝑣𝑠.                                                (4) 160 

 161 

3. Model results 162 

 163 

The temperature distribution along the subduction boundary varies with the age of the 164 

subducting plate (age), subduction rate (vs) and apparent coefficient of friction (µ’) (Fig. 3A). 165 

All P–T profiles show a rapid increase in temperature at ~2.4 GPa, which corresponds to the 166 

coupling depth Dc between slab and mantle wedge (Figs. 3A, C). Subduction-type 167 

metamorphic rocks do not generally return from depths greater than 80–90 km, and we focus 168 

on the part of the subduction boundary at depths shallower than Dc. For this depth range and 169 

for zero frictional heating (µ’ = 0), a younger plate age and a slower subduction rate (i.e. 170 

smaller advective cooling) results in higher temperatures. For non-zero values of µ’, the effect 171 

of frictional heating is larger for higher subduction rates and older, i.e. colder, plates. As an 172 

example, for a slab with age = 100 Ma and a subduction velocity, vs, of 10 cm/yr, the 173 



temperature along the subduction boundary in the 1–2 GPa pressure range for µ’ = 0.1 is ca 174 

350 ºC higher than for µ’ = 0. In contrast, for a slab with an age = 10 Ma and vs = 3 cm/yr, 175 

the difference in temperature is less than 100 ºC. In addition to the direct relationship between 176 

the slip rate and frictional heating (Equation 4), the temperature along the subduction 177 

boundary is also affected by the temperature- (related to both age and vs) and slip-rate 178 

dependence of the viscous shear stress (Equation 3). For the case of age = 10 Ma and vs = 3 179 

cm/yr, the low viscous stresses are due in part to the overall high T caused by subduction of a 180 

young warm plate. The relatively slow subduction rate also limits the viscous shear stresses 181 

firstly by keeping the rocks relatively warm due to limited subduction-related advective 182 

cooling and secondly by maintaining a low strain rate (vs/w). Low viscous stresses tend to 183 

restrict the range of the frictional fault zone that produces most of the shear heating. The net 184 

result is low average stress and low shear heating even for a relatively high µ’ value of 0.1 185 

(Fig. 3B). In contrast, for the same value of µ’ = 0.1 but with age = 100 Ma and vs = 10 cm/yr 186 

the overall reduction in temperature and the higher strain rate (vs/w) results in higher viscous 187 

stress and strong shear heating, in both the frictional and viscous domains, with temperatures 188 

~500 ºC at P > 1 GPa. Even at these elevated temperatures the viscous shear stresses are high 189 

due to the effect of the velocity-strengthening nature of the viscous rheology.  190 

An important feature shown by our and previous modelling is that shear stress—and 191 

hence also shear heating—along the boundary reaches a maximum at shallower depths for 192 

higher µ’ (Fig. 3B). One of the implications of this stress distribution is that for µ’ greater 193 

than about 0.1, the P–T profile shows a strong upwardly concave shape with an increasing 194 

P/T slope reaching a maximum close to ~2 GPa (Fig. 3A). This feature of the thermal 195 

structure and P–T paths of metamorphic rocks has the potential to be used as a marker of 196 

high-stress subduction. A second important feature is that in the pressure range of 1–2 GPa 197 

and for µ’ values larger than 0.1, the temperature along the subduction boundary shows only 198 



slight changes for increases of µ’. A particular characteristic feature of high stress models—199 

those with relatively large values of µ’—is the presence of a high T zone close to the 200 

subduction boundary at depths of 20–40 km (Fig. 3C). A similar feature is also seen in other 201 

published models (Gao and Wang, 2014). 202 

The above results show that with the exception of young and slowly subducting slabs, 203 

increasing the shear strength (expressed as µ’) of the subduction boundary from 0 to 0.2 can 204 

result in major changes in the shape of expected P–T paths of subducted rocks and 205 

temperature rises up to several hundreds of degrees. These differences are large enough to be 206 

recognized in metamorphic rocks offering a potential way to estimate shear stresses from 207 

petrological studies of P–T conditions along the ancient subduction boundaries. 208 

 209 

4. Comparison with subduction metamorphic belts 210 

 211 

4.1. Sanbagawa belt 212 

 213 

The Sanbagawa belt of SW Japan is a well-documented example of oceanic 214 

subduction metamorphism (e.g. Wallis and Okudaira, 2016) lacking subsequent continental 215 

collision and showing good preservation of subduction features. The age of the main phase of 216 

metamorphism is well constrained by Lu–Hf dating of eclogite (Wallis et al., 2009) at around 217 

89 Ma. Confirmation of this age is given by the presence of detrital zircon U–Pb ages as 218 

young as ~90 Ma and K–Ar and Ar–Ar mica ages in the range of 85–70 Ma (Knittel et al., 219 

2014; Aoki et al., 2019, Wallis and Okudaira, 2016 and references therein). These represent 220 

pre-metamorphic protolith ages and post-peak metamorphism cooling ages and should 221 

therefore bracket the peak metamorphic age. Locally there are older domains that show 222 

subduction metamorphism at around 120 Ma (Endo et al., 2009; Okamoto et al., 2004). A 223 



shallow P/T slope developed at 116 Ma (Fig. 5A) followed by cooling—commonly described 224 

as an anticlockwise P–T path—implies these formed shortly after the onset of subduction 225 

(Endo et al., 2009) and are distinct from the main phase of metamorphism.  226 

The mid to late Cretaceous age of the Sanbagawa metamorphism restricts the possible 227 

plates that could have been responsible for the Sanbagawa subduction. In addition, kinematic 228 

studies show the plate motion vector was oblique to the east Asian continental margin and 229 

associated with sinistral shear (Wallis et al., 2009). Together these features show the Izanagi 230 

plate can be confidently identified as the plate that caused the Sanbagawa metamorphism. 231 

Plate reconstructions for this period show convergence of the Izanagi Plate with east Asia was 232 

unusually rapid (20–24 cm/yr) with an obliquity of ~30º (Engebretson et al., 1985; Wallis et 233 

al., 2009; Müller, et al., 2016).  234 

Another important input parameter for the modelling is the age of the subducting slab. 235 

The relatively warm metamorphic conditions of the Sanbagawa belt have led several workers 236 

to suggest the age of the slab was young (Aoya et al., 2003). However, recent plate 237 

constructions suggest an age of around 60 Ma (Müller, et al., 2016). An age around 60 Ma at 238 

the time of subduction has been confirmed by recent dating. Re–Os dating of sulphide ore 239 

minerals in samples of numerous Besshi-type Cu deposits of the Sanbagawa belt (Nozaki et 240 

al., 2013) yield ~150 Ma ages. These deposits are thought to form by sea floor hydrothermal 241 

processes close to an active spreading ridge. The difference in the ages of ore genesis close to 242 

a spreading ridge (~150 Ma) and of peak metamorphism shortly after the slab enters the 243 

subduction zone (~90 Ma) gives a slab age close to 60 Ma at the time of subduction. It is 244 

possible that the Besshi-type deposits formed by off-axis activity. However, this would imply 245 

a greater age for the slab and not younger, and the thermal structure for slabs older than about 246 

60 Ma shows little change.  247 

In addition to the above constraints on the slab subduction rate and age, in our 248 



modelling we also use (i) the time since initiation of subduction, based on the 30 million year 249 

age difference between the onset of subduction around 120 Ma and the main recorded 250 

metamorphism at 90 Ma, and (ii) a continental geotherm for the overlying plate, based on the 251 

configuration before the opening of the Sea of Japan (Maruyama et al. 1997). The Sanbagawa 252 

belt consists of a series of stacked sheets of ~1 km thickness (e.g. Wallis and Aoya, 2000) and 253 

in our modelling we also examine the thermal structure in a suitable domain below the 254 

subduction boundary. 255 

We now use the above boundary and initial conditions to model the thermal evolution 256 

of the Sanbagawa subduction zone and compare the results for different amounts of shear 257 

heating with the P–T conditions recorded by the metamorphic rocks. We focus on the 258 

subduction-related P–T paths up to the peak pressure conditions, and restrict our discussion to 259 

contributions that use up to date thermodynamic data sets and incorporate the effects of bulk 260 

rock composition including, where appropriate, the effect of fractionation of elements during 261 

mineral growth (Figs. 4 and 5A). These P–T paths all show steep P/T slopes and do not 262 

project back to the origin (Fig. 5A); subduction P–T paths necessarily start close to the origin 263 

so this implies an upward concave subduction P–T path (see also Aoya et al., 2003).  264 

The rapid subduction of the Izanagi plate of vs = 20–24 cm/yr means that P–T 265 

conditions along the slab surface approach steady state a few million years after subduction 266 

initiation (Figs. 5A, B). In addition, the association of the rapid subduction with a high µ’ 267 

value results in the development of steep inverted temperature gradients within the slab close 268 

to the subduction boundary. For example, using values of vs = 24 cm/yr and µ’ = 0.13, in the 269 

range 0.6–2 GPa there is a reduction in temperature of ~100 ºC to ~80 ºC moving 1 km 270 

downwards away from the slab surface (Fig. 5A). These large temperature differences result 271 

from the high frictional heating along the subduction boundary that peaks at a depth of ~ 20 272 

km (Fig. 5F) and strong advective cooling of subduction (Fig. 5C). If µ’ is reduced to 0.06, 273 



the temperature gradient within the slab close to the subduction boundary decreases with the 274 

temperature difference at a pressure of 0.6 GPa reducing from ~100°C to ~80 ºC (Fig. 5B). 275 

This reflects a lower frictional heating that peaks at a depth of ~ 35 km (Fig. 5F).  276 

A series of calculations show that while both µ’ (frictional stresses) and f (viscous 277 

stresses) affect P–T conditions along the subduction boundary, the P/T slope at P = 1–2 GPa 278 

is largely controlled by µ’ (Fig. 5E). This relationship reflects the greater depth of the peak of 279 

shear stress, and hence shear heating, for lower µ’ (Fig. 5F). We also examined the effect of 280 

subduction rate and direction (Fig. 5G–I). For the same µ’ and f, a slower subduction rate 281 

results in a lower temperature along the slab surface and a smaller difference in temperature 282 

between the slab surface and a surface 1 km deeper within the slab (Fig. 5G). Steeper P–T 283 

paths are predicted for lower values of f, which decreases shear heating in the deeper ductile 284 

region and/or larger values of µ’, which increases shear heating in the shallower frictional 285 

region (Fig. 5H). Varying the obliquity of convergence has only a small effect: trench-normal 286 

subduction (f = 0º) results in a slightly lower temperature along the subduction boundary 287 

compared with oblique subduction (f = 30º) due to the greater advective cooling (Fig. 5I).  288 

A comparison between the observed P–T paths and the results of the calculations 289 

shows that significant amounts of shear heating are required to account for the observed steep 290 

gradients and curvature of the subduction-related Sanbagawa P–T paths (Fig. 5A, E). The two 291 

warmest paths are well matched by conditions close to the subduction boundary for µ’~ 0.13 292 

and f ~ 1. These paths are recorded in central Shikoku and eastern Kii peninsula where 293 

kilometer-scale remnants of the mantle wedge are also preserved (e.g. Endo et al., 2013; 294 

Wallis & Aoya, 2000) suggesting that they were derived from close to the subduction 295 

boundary. The other P–T paths are compatible with µ’ ~ 0.13 if a domain up to 1 km 296 

perpendicular distance from the subduction boundary is considered—a distance that is 297 

reasonable considering the geometry of eclogite units in the Sanbagawa belt (Wallis and 298 



Aoya, 2000; Kouketsu et al., 2014). However, taken in isolation these P–T paths could also be 299 

accounted for with lower values of µ’ ≥ 0.06 (Fig. 5E). For lower subduction rates, the warm 300 

conditions can be accounted for by some combination of lager values of viscous shear, f, and 301 

larger values of µ’ (Fig. 5H). However, a larger value of µ’ is required to cover the full range 302 

of P–T paths, including the steeper parts, because an increase in f results in warmer conditions 303 

in the deeper part of the subduction boundary and a concomitant decrease in P/T slope (Fig. 304 

5H).  305 

From the above considerations, we propose two possible models for the stress state of 306 

the Sanbagawa subduction boundary at ~90Ma. (i) There was relatively high stress 307 

throughout the region with µ’ ≥ 0.13 and peak shear stresses up to about 60 MPa (Fig. 5F). In 308 

this case, differences in P–T paths reflect variable distances from the subduction boundary 309 

and only the highest temperature P–T paths reflect conditions close the subduction boundary 310 

(Fig. 5A). (ii) Stress was variable and differences in the P–T paths reflect along-strike spatial 311 

differences in µ’ ranging from a minimum of 0.06 in the east of Shikoku, bordered to the east 312 

and west by stronger domains with µ’ ≥ 0.13 (Fig. 5E).  313 

 314 

4.2. Franciscan Belt 315 

 316 

The Franciscan belt, western USA (Fig. 6), is an accretionary complex reflecting the 317 

history of a long-lived (ca. 170–25 Ma) convergent plate boundary (Wakabayashi, 2015). The 318 

highest grade metamorphic rocks generally occur as mafic blocks, and more rarely coherent 319 

sheets, metamorphosed in the eclogite and blueschist facies. Although there is evidence for 320 

sedimentary reworking of many of the blocks, they commonly display metasomatic rinds 321 

showing they were originally surrounded by serpentinite. These high-grade blocks constitute 322 

the oldest part of the metamorphic sequence (>150 Ma) (Anczkiewicz et al., 2004; Cooper et 323 



al., 2011; Mulcahy et al., 2014) and record conditions shortly after the initiation of subduction. 324 

The rinds developed during retrograde metamorphism and show similar but slightly younger 325 

ages around 150 Ma (Wakabayashi, 2015 and references therein). These results indicate early 326 

exhumation of the high-grade blocks within a serpentinite-dominated mélange (Wakabayashi, 327 

2015 and references therein). The mafic units are generally a few meters to tens of meters 328 

thick and their prograde P–T conditions should closely reflect conditions in a thin layer along 329 

the former subduction boundary. 330 

Subduction of the Franciscan metamorphic rocks under the Coast Range Ophiolite 331 

(CRO) started at around 165–170 Ma (Wakabayashi, 2015). The overlap in age between the 332 

high-grade Franciscan metamorphism (ca. 150–169 Ma) and the igneous formation of the 333 

CRO (165–172 Ma) implies subduction initiated immediately after the formation of the CRO 334 

(Wakabayashi, 2015, and references therein). In addition, the high-grade rocks have an arc-335 

like geochemical signature typical of a supra-subduction origin. Taken together these results 336 

imply subduction initiated at or close to a spreading ridge (Wakabayashi, 2015 and references 337 

therein), and in our modelling we use a young (10 Ma) oceanic overriding plate and a 338 

subducting plate age of 10 Ma. After subduction begins, the inflow of cool oceanic 339 

lithosphere causes cooling until steady state is achieved. Metamorphic rocks subducted during 340 

this period of cooling will rise back to the surface following a cooler P–T path than when they 341 

were subducted. The well-documented anti-clockwise P-T paths of the high-grade blocks of 342 

the Franciscan belt (Krogh et al., 1994; Page et al, 2007; Tsujimori et al., 2006a) are good 343 

supporting evidence that they were indeed subducted during the initial cooling phase shortly 344 

after the onset of subduction. Differences in radiometric ages suggest that most of the cooling 345 

in the Franciscan subduction zone took place over a period of 10–20 million years (Fig. 7A). 346 

We consider this time scale in our modelling, which includes a close examination of the early 347 

thermal evolution of the modelled subduction zone before steady state was achieved. 348 



Numerous studies have been carried out to determine peak P–T conditions and P–T 349 

paths of the high-grade Franciscan blocks (e.g. Krogh et al., 1994; Page et al, 2007; Tsujimori 350 

et al., 2006a). A major point of disagreement arises from different calibrations for the garnet–351 

phengite–clinopyroxene thermobarometer. The Ravna and Terry calibration (Ravna and Terry 352 

2004) yields higher pressures than the Waters–Martin calibration (Wain et al. 2001). 353 

Hereafter, we refer to these as the RT and WM calibrations, respectively and compare our 354 

model results with both sets of P–T estimations.  355 

For relatively fast subduction of vs = 10 cm/yr, most P–T conditions and their 356 

associated ages are well explained by assuming µ’ = 0 irrespective of calibration methods 357 

(Fig. 7A). Increasing µ’ even a small amount increases the temperature of the subduction 358 

boundary to values significantly greater than the estimated P–T conditions; appropriate upper 359 

bounds are µ’ = 0.02 (RT) and 0.03 (WM) (Fig. 7B). An increase in the subduction rate leads 360 

to greater frictional heating but also increases the cooling effect by advection of cold 361 

lithosphere and has only a small effect on the model results (Fig. 7C). Lower subduction rates 362 

can also be considered, but this causes an increase in the expected temperature; approximate 363 

lower bounds for zero frictional heating are vs = 6 cm/yr (RT) and 4 cm/yr (WM) (Fig. 7D). 364 

Increasing the age of the subducting plate to 30 Ma yields results that suggest µ’ < 0.03 and vs 365 

> 4 cm/yr (RT) and µ’ < 0.05 and vs > 2 cm/yr (WM) (Fig. 8). The above analysis shows the 366 

P–T conditions recorded by the Franciscan high-grade blocks constrain the shear heating to be 367 

very low with an appropriate upper bound of µ’ = 0.03.   368 

 369 

5. Discussion 370 

 371 

5.1. Factors controlling stress state along subduction boundaries 372 

 373 



Our results for the Sanbagawa and Franciscan belts show where there is suitable 374 

information available on aspects of ancient subduction systems such as subduction rate, slab 375 

age and elapsed time after subduction initiation, the subduction-related P–T paths and peak P–376 

T conditions of metamorphic rocks can be used to place bounds on the frictional heating and, 377 

hence, shear stresses acting along ancient subduction boundaries. The value of µ’~ 0.13 378 

estimated for the Sanbagawa belt and the upper bound of µ’~ 0.03 estimated for the 379 

Franciscan belt are in good agreement with the range of estimates of µ’ for currently active 380 

subduction zones (see Fig. 1). In this section, we discuss factors controlling the stress state 381 

along subduction boundaries. 382 

Laboratory experiments show that the coefficient of friction decreases from ~0.7 to 383 

~0.1 as slip rates increase up to seismic rates of ~1 m/s; results that are essentially 384 

independent of rock type and weakening mechanism (Di Toro et al., 2011). These 385 

observations imply that subduction megathrusts are expected to move under low stress 386 

conditions during co-seismic slip at high slip rates and high stress during periods of creep at 387 

the plate convergence rate. The seismic coupling coefficient—defined as the ratio between the 388 

observed seismic moment release rate and the rate calculated from plate tectonic velocities 389 

(Scholz and Campos, 2012)—may, therefore, help shed light on variations of shear stresses in 390 

active subduction zones. One example is the northern Hikurangi subduction boundary, which 391 

has a seismic coupling coefficient of ~0 (Scholz and Campos, 2012) implying creep-dominant 392 

slip. Gao and Wang (2014) estimate a relatively high µʼ of ~0.13 for this region. In addition, 393 

high seismic coupling coefficients of 0.5–1 are associated with subduction boundaries in 394 

Central Chile, Cascadia, Kamchatka, Honshu, Nankai, and Sumatra where estimates of µʼ are 395 

low (0.02–0.03). The high µʼ value and aseismic creep of the northern Hikurangi subduction 396 

boundary may be controlled by the rugged surface topography of the subducting oceanic plate 397 



(Wang and Bilek, 2014; Gao and Wang, 2014). In this study we assume a constant µʼ along 398 

the subduction megathrust, implying a temporal and spatial average. We note that this average 399 

is with respect to slip distance, because the shear stress during the no-slip period does not 400 

contribute to shear heating. 401 

Another factor controlling the shear stress along subduction boundary may be 402 

subduction rate. Slip behaviour along the subduction megathrust changes from shallow co-403 

seismic slip to deep stable slip with a domain of slow slip in between. The down-dip 404 

seismogenic limit and the transition from velocity-weakening to velocity-strengthening 405 

frictional behaviour along subduction megathrusts is considered to be temperature-dependent 406 

(Hyndman et al., 1997; Den Hartog and Spiers, 2013), and a shallower down-dip seismogenic 407 

limit is expected for a higher temperature subduction boundary. Therefore, the depth range of 408 

aseismic, semi-frictional slip associated with a relatively high degrees of shear heating is 409 

expected to be wider for a higher temperature subduction boundary. This positive feedback 410 

process, where higher temperature subduction boundaries overall generate greater frictional 411 

heat than lower temperature boundaries, combined with the tendency for velocity-412 

strengthening aseismic creep to dominate under extremely high subduction rates (vs > 20 413 

cm/yr), may be the cause of the high shear stresses and high temperature of the Sanbagawa 414 

subduction boundary. 415 

Deformation in the deeper parts of subduction boundaries will be controlled by a 416 

viscous rheology. In contrast to frictional behaviour, differences in viscous rheology mainly 417 

depend on rock type. Experimentally determined flow laws show that the viscosity of relevant 418 

rocks and constituent minerals (olivine, antigorite, basalt, eclogite, quartz and biotite) varies 419 

by more than five orders of magnitude (Agard et al., 2016 and references therein). In the 420 

subduction boundary zone antigorite serpentinite is likely to be one of the weakest major 421 

components followed by metasediment, metabasite and peridotite in order of increasing 422 



viscosity under conditions appropriate for the deeper part of subduction megathrust (400–700 423 

ºC and strain rates of 10-12–10-13/s). While high-grade rocks in the Franciscan exhumed as 424 

blocks in serpentinite matrix (Wakabayashi, 2015), the eclogite unit of the Sanbagawa belt 425 

consists of continuous mafic and pelitic schist layers including ultramafic blocks (Wallis and 426 

Aoya, 2000; Kouketsu et al., 2014). Therefore, in addition to subduction velocity, the 427 

contrasting difference in shear stress between these two ancient subduction boundaries may 428 

reflect the difference in deformation accommodating rock types of the high-grade units. 429 

 430 

5.2. Additional factors relevant to the estimation of µ’ 431 

 432 

5.2.1. Fluid flow and advective heat transport 433 

Recent studies have shown that hydrothermal circulation in the basement aquifer of 434 

subducting oceanic crust has a large effect on the temperature along subduction boundaries 435 

(Spinelli et al., 2018 and references therein). This hydrothermal circulation mines heat from 436 

subducted crust and transports it seaward, resulting in higher temperatures in areas seaward of 437 

the trench and lower temperatures in the subduction zone, when compared to temperatures 438 

expected in the absence of the hydrothermal circulation. Numerical modelling shows that 439 

hydrothermal circulation can reduce temperatures along subduction boundaries by up to ~100 440 

ºC and is especially large for hot subduction zones, such as the Cascadia and Nankai 441 

subduction zones (Spinelli et al., 2018 and references therein). Although many difficulties 442 

exist in estimating the effect of hydrothermal circulation, such as the evolution of 443 

permeability with depth, its relation with subduction parameters and the areal extent of any 444 

circulation cell, incorporating the effects of such fluid circulation in our discussion would 445 

require higher values of µ’ and would be particularly large for the relatively hot Sanbagawa 446 

subduction. We also note that the exhumation of metamorphic rocks also involves advective 447 



heat transport from depth to surface and incorporating such effects in thermo-mechanical 448 

models of subduction would represent a significant increase in complexity. For our purposes 449 

it is more appropriate to focus on well-constrained prograde subduction-related P–T paths that 450 

are unaffected by this complication. 451 

 452 

5.2.2. Slab geometry  453 

There are no good constraints on the original dip of the subduction boundary for 454 

ancient subduction zones, and we use a typical geometry for active subduction zones: slab 455 

surface dip gradually increases up to 30º at 30 km depth, that is ~150 km horizontal distance 456 

from trench (Fig. 2). An increase in the subduction angle results in a lower temperature along 457 

the subduction boundary through two processes: (1) an increase in advective cooling due to 458 

increase in downward velocity of subducting plate and (2) a decrease in the fault length over 459 

which frictional processes operate and hence a decrease in shear heating. To examine this 460 

effect more closely, we conducted calculations for different geometrical configurations 461 

including shorter boundary lengths for the depth range of < 30 km, and thus higher average 462 

slab dips. For the Sanbagawa subduction, the result shows a lower temperature and slightly 463 

shallower P/T slope along subduction boundary (Fig. 9). For these conditions, a larger value 464 

of µ’ is required to account for the P–T paths. For the Franciscan subduction, the range of 465 

required conditions shifts slightly towards higher µ’ and vs. 466 

 467 

5.3. Comparison with previous models 468 

 469 

To examine the consistency of our model results with those of previous studies, in Fig. 470 

3A we show the results for similar subduction parameters presented by van Keken et al. 471 

(2018) in a study of active subduction. Our model shows a close correspondence with these 472 



results if zero frictional heating is assumed (Fig. 3A). An important point raised in several 473 

previous studies is that for pressures of 1–2 GPa the prograde P–T conditions for exhumed 474 

subduction-related metamorphic rocks on average show temperatures 100–350 ºC higher than 475 

the average modelled P–T conditions for active subduction boundaries (e.g. Aoya et al. 2003; 476 

Penniston-Dorland et al., 2015). To account for this discrepancy some workers have 477 

suggested that weaker warm rocks are more likely to reach the earth’s surface by buoyant 478 

flow and the rock record is biased (van Keken et al., 2018). However, others suggest that the 479 

discrepancy may be due to a greater component of frictional heating than is commonly 480 

included in thermal models (Penniston-Dorland et al., 2015; Kohn et al., 2018). The 481 

conditions (age and vs) shown in Fig. 3 covers a range appropriate for almost all active 482 

subduction margins including NE Japan and Cascadia—good representatives of cold and hot 483 

margins, respectively—and we can use these results to discuss global trends. Red lines in Fig. 484 

3A show the range of prograde P–T conditions for exhumed subduction-related metamorphic 485 

rocks (Figure 2b of van Keken et al., 2018). Our modelling shows the P–T profiles for cold 486 

subduction zones with typical values of age = 100 Ma and vs = 10 cm/yr are broadly 487 

compatible with the coolest rock records provided that µ’ ≥ 0.02. This result is consistent with 488 

previous estimates for the strength of many active subduction boundaries (Fig. 1). In contrast, 489 

the higher temperature rock records (>500°C, ≤2 GPa) are only achieved in (i) slow 490 

subduction of very young slabs, (ii) the conditions shortly after the initiation of subduction, or 491 

(iii) associated with high amounts of shear heating. The highest temperature rock records 492 

(>700 ºC, ≤2 GPa) most likely represent the conditions shortly after the initiation of 493 

subduction (e.g. P–T profile for t = 5 Myr in Fig. 7) but could also be accounted for by very 494 

high amounts of viscous shear heating (Fig. 5E). As we show here, with sufficient geological 495 

constraints on ancient subduction conditions, it is possible to distinguish between these 496 



situations using the rock record. For situations where µ’ ≥ 0.03, shear heating has significant 497 

components from viscous shear as well as frictional shear (Figs. 3B, 5F).  498 

 499 

6. Conclusions 500 

Thermal modelling of subduction zones that incorporates frictional and viscous shear 501 

heating shows significant differences in temperature that have the potential of being recorded 502 

in the rock record. Where information is available on past plate subduction rate, slab age and 503 

time since the onset of subduction, the P–T history of subduction-type metamorphism can be 504 

used to place bounds on the shear stresses and strength of subduction zones. The overall 505 

strength and the associated shear stresses can be expressed by the effective coefficient of 506 

friction, µ’, applicable to the friction-dominant shallow part of the subduction boundary. The 507 

Sanbagawa belt of SW Japan was formed by rapid subduction of a 60 Ma slab. Relatively 508 

high-stresses (µ’ ≥ 0.13) can be identified by the presence of strongly curved P–T paths that 509 

increase in P/T gradient up to a pressure of about 2 GPa. The rate of subduction of the 510 

Franciscan belt, W. USA is less well constrained, but the cool prograde P–T paths constrain 511 

shear heating, and hence shear stresses, to be very limited with an appropriate upper bound 512 

for µ’ of ~0.03. The range of µ’ estimated in this study shows good agreement with 513 

independent estimates for modern subduction zones. Our modelling shows the rate of 514 

subduction and lithological makeup of the subduction boundary zone are important factors in 515 

determining the stress on subduction boundaries. High stress subduction zones are likely to be 516 

associated with high aseismic/seismic slip ratios possibly related to slab roughness. 517 
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Appendix A. Numerical method 525 

Conservation of mass is approximated by the incompressible continuity equation,  526 

 
 M?N
MO
+ M?Q

MR
= 0                                          (A1)  527 

where vx and vz are the horizontal and vertical components of the velocity vector, 528 

respectively. The two-dimensional Stokes equations for creeping flow take the form 529 

  MTNN
MO

+ MTNQ
MR

= MU
MO

                                       (A2)   530 

  MTQQ
MR

+ MTNQ
MO

= MU
MR
− 𝜌𝑔                                  (A3)  531 

where sxx, szz, and sxz are the components of the deviatoric stress tensor, P is pressure, g is 532 

acceleration due to gravity, density r is given by the expression 533 

𝜌 = 𝜌X01 − 𝛼(𝑇 − 𝑇X)601+ 𝛽(𝑃 − 𝑃X)6                     (A4) 534 

where r0 is the standard density at P0 = 0.1 MPa and T0 = 273 K, and a = 3.1 ´ 10-5 /K and 535 

b = 1.0 ´ 10-11 /Pa (Turcotte and Schubert, 2002) are the thermal expansion and 536 

compressibility coefficients, respectively. The standard density values r0 for the mantle, 537 

oceanic crust, continental lower crust, and continental upper crust are 3300, 3000, 3000, and 538 

2700 kg/m3, respectively (Turcotte and Schubert, 2002).  539 

To calculate the flow field in the mantle wedge, we use an experimentally determined 540 

constitutive flow law for the dislocation creep of olivine aggregates (Karato and Wu, 1993), 541 

𝜀̇ = 𝐴	𝜎2𝑒𝑥𝑝 )−Gbc$bU
HI

-                                     (A5) 542 

where  is the strain rate, A = 2.42 ´ 105 /(MPan s) is the pre-exponential factor, s is stress, n 543 

= 3.5 is the stress exponent, Ea = 540 kJ/mol is activation energy, and Va = 15 ´ 10-6 m3/mol 544 

ε



is activation volume, R is the universal gas constant, T is absolute temperature, and P is 545 

pressure.  546 

The energy equation takes the form 547 

	𝜌𝐶e )
DI
Dg
- = MhN

MO
+ MhQ

MR
+ 𝐻i + 𝐻b + 𝐻5 + 𝐻@     548 

𝑞O = 𝜅 MI
MO
,						𝑞R = 𝜅 MI

MR
                                        (A6)  549 

 𝐻b ≈ 𝑇𝛼𝜌𝑣R𝑔	,									𝐻@ ≈ 𝜎OO𝜎𝜀ȮO + 𝜎RR𝜎𝜀ṘR + 𝜎OR𝜎𝜀ȮO 550 

where qx and qz are horizontal and vertical heat fluxes, and , , and  are 551 

components of the strain rate tensor. The thermal conductivities k of the crust and mantle are 552 

2.5 and 3.1 W/m K, respectively (Peacock and Wang, 1999). The terms Hr, Ha, Hf, and Hs, 553 

denote heat productions in W/m3. Ha is the adiabatic heating and Hs is viscous shear heating 554 

within the mantle wedge. The radioactive heat production values Hr for the mantle, oceanic 555 

crust, continental lower crust, and continental upper crust are 0, 0.27, 0.27, and 1.3 µW/m3, 556 

respectively (Peacock and Wang, 1999). Shear heating Hf, calculated from Equations (1)–(4) 557 

in the main text, is imposed along subduction interface from trench to the depth of Dc + 10 558 

km. The isobaric heat capacity CP is assumed to be 1200 J/kg K. 559 
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 714 

FIGURE CAPTIONS 715 

 716 

Fig. 1. Apparent coefficient of friction along active subduction boundaries estimated from 717 

heat flow (red, Gao & Wang (2014); green, England (2018)) and force balance (blue, Lamb 718 

(2006)). Black lines show apparent coefficient of friction along ancient subduction boundaries 719 

estimated in this study. 720 

 721 

Fig. 2. (A) Model geometry and boundary conditions. The boundary conditions for flow in 722 

mantle the wedge are shown in blue, and those for temperature are shown in red. (B) Initial 723 

temperature distribution for a case with an overriding continental plate. 724 

 725 

Fig. 3. (A) Temperature distribution along the slab surface as a function of subducting plate 726 

age (age = 10, 30, 100 Ma), subduction rate (vs = 3, 10 cm/yr), and apparent coefficient of 727 

friction (µ’ = 0, 0.01, 0.03, 0.1, 0.2) with an overriding continental plate, Dc = 80 km, f = 1, 728 

and elapsed time t = 30 Myr. Green lines show slab surface conditions for current subduction 729 

margins (Central Honshu, Nicaragua, Cascadia) at 30 Myr after subduction initiation as 730 

calculated by van Keken et al. (2018). Red lines show the range (2s) of prograde 731 

metamorphic P-T conditions (van Keken et al., 2018). (B) Shear stress along the decoupled 732 

section of the subduction boundary for the same conditions as A. (C) Temperature 733 

distributions for age = 100 Ma, vs = 3 cm/yr, and µ’ = 0, 0.1. For µ’ = 0.1, the high T zone 734 

along the subduction boundary is the result of high frictional heating. Black arrows show the 735 

velocity field in the mantle wedge. 736 

 737 



Fig. 4. Distribution of the Sanbagawa belt in SW Japan. Analyses of samples from the four 738 

areas shown by stars were used to derive the P-T paths shown in Fig. 5A. 739 

 740 

Fig. 5. (A) Subduction P–T paths of the Sanbagawa metamorphic belt compared with model 741 

results. age = 60 Ma, vs = 24 cm/yr, Dc = 70 km, f = 30º, µ’ = 0.13, f = 1 and with an 742 

overriding continental plate. Black lines show temperatures along the slab surface at t = 0, 1, 743 

2, 5, 30 Myr and the gray line shows the temperature 1 km below the slab surface at t = 30 744 

Myr. 1 = Endo et al. (2009), 2 and 3 = Weller et al. (2015), 4 = Kabir and Takasu (2016), 5 = 745 

Endo et al. (2013). (B) Same as A except µ’ = 0.06. (C) Temperature distribution for the same 746 

conditions as A at t = 30 Myr. (D) Temperature distribution for the same conditions as B at t 747 

= 30 Myr. (E) Slab surface conditions as a function of µ’ (0, 0.03, 0.06, 0.13, 0.2) and f (0.5, 748 

1, 2). vs = 24 cm/yr, t = 30 Myr, age = 60 Ma, Dc = 70 km, f = 30º and an overriding 749 

continental plate. (F) Shear stress along the decoupled section of the subduction boundary for 750 

the same conditions as E. (G) Effects of changing subduction velocity: i) the temperature 751 

along the slab surface is lower for a slower subduction rate; and ii) the temperature difference 752 

between the slab surface and 1 km below the slab surface is lower for a slower subduction 753 

rate. vs = 10, 24 cm/yr, µ’ = 0.13, t = 30 Myr, age = 60 Ma, Dc = 70 km, f = 1 and an 754 

overriding continental plate. (H) Slab surface P–T conditions as a function of vs (10, 24 755 

cm/yr), µ’ (0.06, 0.13) and f (0.5, 1, 2). t = 30 Myr, age = 60 Ma, Dc = 70 km, f = 30º and an 756 

overriding continental plate. (I) Effect of oblique subduction showing the temperature along 757 

the slab surface and 1 km below the slab surface is slightly lower for trench-normal 758 

subduction (f = 0º) compared with oblique subduction (f = 30º). vs = 24 cm/yr, t = 30 Myr, 759 

age = 60 Ma, Dc = 70 km, f = 1 and an overriding continental plate. 760 

 761 



Fig. 6. Distribution of the Franciscan belt in USA. Stars show locations for samples that are 762 

used to derive the P-T conditions shown in Fig. 7A. 763 

 764 

Fig. 7. Subduction P–T conditions of high-grade rocks in the Franciscan Complex compared 765 

with model results. Black lines show P–T conditions along the slab surface at t = 0, 2, 5, 10, 766 

20 Myr. Values of vs and µ’ are shown in each figure. age = 10 Ma, Dc = 80 km, f = 0º, f = 1 767 

and an overriding oceanic plate. P-T conditions: 1, 2 and 6 = Cooper et al. (2011), 3 = Krogh 768 

et al. (1994), 4 = Tsujimori et al. (2006a), 5 = Page et al. (2007), 7 = Tsujimori et al. (2006b). 769 

Metamorphic ages: 1, 2, 3 and 4 = Anczkiewicz et al. (2004), 6 = Cooper et al. (2011), 7 = 770 

Mulcahy et al. (2014). 771 

 772 

Fig. 8. Subduction P–T conditions of high-grade rocks in the Franciscan Complex compared 773 

with model results. Black lines show P–T conditions along the slab surface at t = 0, 2, 5, 10, 774 

20 Myr. Values of vs and µ’ are shown in each figure. age = 30 Ma, Dc = 80 km, f = 0º, f = 1 775 

and an overriding oceanic plate. P-T conditions and metamorphic ages are the same as in Fig. 776 

7. 777 

 778 

Fig. 9. Effect of slab geometry for the Sanbagawa subduction. vs = 24 cm/yr, µ’ = 0.13, t = 30 779 

Myr, age = 60 Ma, Dc = 70 km, f = 30º, f = 1 and an overriding continental plate. (A) P–T 780 

profiles along the slab surface and 1 km below the slab surface. P–T paths are the same as in 781 

Fig. 5. (B) Slab geometry and temperature distribution for a steep slab dip. The length of the 782 

subduction boundary for depth range of < 30 km is shorter than that shown in Figs. 2B and 783 

5C. 784 

 785 




















